The mineralogy of the oceanic basalt source region is examined by testing whether a peridotite mineralogy can yield observed whole-rock and olivine compositions from (1) the Hawaiian Islands, our type example of a mantle plume, and (2) the Siqueiros Transform, which provides primitive samples of normal mid-ocean ridge basalt. New olivine compositional data from phase 2 of the Hawaii Scientific Drilling Project (HSDP2) show that higher Ni-in-olivine at the Hawaiian Islands is due to higher temperatures (T) of melt generation and processing (by c. 3008C) related to the Hawaiian mantle plume. D Ni is low at high T, so parental Hawaiian basalts are enriched in NiO. When Hawaiian (picritic) parental magmas are transported to shallow depths, olivine precipitation occurs at lower temperatures, where D Ni is high, leading to high Ni-in-olivine. Similarly, variations in Mn and Fe/Mn ratios in olivines are explained by contrasts in the temperatures of magma processing. Using the most mafic rocks to delimit Siqueiros and Hawaiian Co and Ni contents in parental magmas and mantle source compositions also shows that both suites can be derived from natural peridotites, but are inconsistent with partial melting of natural pyroxenites. Whole-rock compositions at Hawaii and Siqueiros are also matched by partial melting experiments conducted on peridotite bulk compositions. Hawaiian whole-rocks have elevated FeO contents compared with Siqueiros, which can be explained if Hawaiian parental magmas are generated from peridotite at 4^5 GPa, in contrast to pressures of slightly greater than 1 GPa for melt generation at Siqueiros; these pressures are consistent with olivine thermometry, as described in an earlier paper. SiO 2 -enriched Koolau compositions are reproduced if high-Fe Hawaiian parental magmas re-equilibrate at 1^1·5 GPa. Peridotite partial melts from experimental studies also reproduce the CaO and Al 2 O 3 contents of Hawaiian (and Siqueiros) whole-rocks. Hawaiian magmas have TiO 2 contents, however, that are enriched compared with melts from natural peridotites and magmas derived from the Siqueiros depleted mantle, and consequently may require an enriched source. TiO 2 is not the only element that is enriched relative to melts of natural peridotites. Moderately incompatible elements, such as Ti, Zr, Hf, Y, and Eu, and compatible elements, such as Yb and Lu, are all enriched at the Hawaiian Islands. Such enrichments can be explained by adding 5^10% mid-ocean ridge basalt (crust) to depleted mantle; when the major element composition of such a mixture is recast into mineral components, the result is a fertile peridotite mineralogy.
petrological studies (Sobolev et al., 2005 (Sobolev et al., , 2007 Herzberg, 2006; Dasgupta et al., 2010) suggest that a peridotite mineralogy is incapable of producing the whole-rock major element compositions of many oceanic basalts, nor the compositions of olivine crystals contained therein. These studies amplify a model by Hauri (1996) , who was perhaps the first to propose pyroxenite (or partial melts from such) as an admixture into the Hawaiian mantle. These new studies suggest that pyroxenite-derived melts form as much as 30% of erupted mid-ocean ridge basalt (MORB) compositions, and that pyroxenite is the dominant lithology beneath the Hawaiian Islands (Sobolev et al., 2007) , and is otherwise ever-present in undisclosed amounts beneath other ocean islands (Dasgupta et al., 2010) . However, these petrological arguments for a pyroxenite source are at odds with a tide of isotopic and geochemical data that have long indicated that (1) only small amounts (5 10%) of enriched components occur in the mantle sources of Hawaiian and other ocean island basalt (OIB) magmas (e.g. Weaver, 1991; Bennett et al., 1996; Stracke et al., 1999; Willbold & Stracke, 2006; Prytulak & Elliott, 2007) , and (2) a pyroxenite mineralogy in particular is inconsistent with mineralogy-sensitive trace element and isotopic systematics (Norman & Garcia, 1999; Putirka, 1999; Stracke et al., 1999; Pietruszka et al., 2006; Elkins et al., 2008) . We examine this contradiction by testing whether Hawaiian basalts, the apparent type-example of a pyroxenite-fed system, can indeed be derived by partial melting of peridotite, and by comparing Hawaiian lavas with relatively primitive MORB from the Siqueiros Transform, a nearby segment of the East Pacific Rise spreading ridge system.
The islands of Hawaii contain one of the largest volcanoes on the planet, and may represent Earth's most intense thermal mantle plume. To the extent that thermal mantle plumes reflect mantle convection, primitive Hawaiian volcanic rocks (see Putirka et al., 2007) may represent our clearest window into the composition and mineralogy of Earth's deep interior. Olivine compositions from picritic rocks from phase 2 of the Hawaii Scientific Drilling Project (HSDP2) ( Fig. 1a ; Rhodes & Vollinger, 2004; Stolper et al., 2004) provide a means to test models of mantle plume mineralogy and composition. Volcanic rocks from the Siqueiros Transform, a first-order discontinuity at the East Pacific Rise, provide a valuable comparison with HSDP2, as Siqueiros samples include whole-rocks. High-and low-SiO 2 HSDP2 groups have been recognized in both whole-rock (Rhodes & Vollinger, 2004) and glass (Stolper et al., 2004) compositions. High-and low-SiO 2 groups are separated using: SiO 2 ¼^0·2407(MgO) þ 51 (see text). (b) Peridotite whole-rock compositions from W. McDonough (personal communication) recast as mineral components (ol ¼ olivine; Opx ¼ orthopyroxene; Cpx ¼ clinopyroxene), and plotted using Streckeisen's (1976) triangular diagram for ultramafic rocks; gt ¼ garnet; sp ¼ spinel. (c) Cation sums on the basis of four oxygens vs NiO (wt %) for olivines from lherzolites from the GEOROC database. some unusually mafic MORB (Perfit et al., 1996) , generated at typical upper mantle temperatures (Putirka et al., 2007) , and because they contain high forsterite olivines.
To compare the viability of pyroxenite and peridotite source mineralogies, we examine the extent to which variations in the pressure^temperature (P^T) conditions of partial melting (and crystallization) may explain some of the compositional parameters that have been used to support a pyroxenite model. We also examine whether lava compositions from these localities can be generated from natural peridotite compositions. For this latter comparison, we make no restriction on potential peridotite sources. This strategy is in contrast to that of Dasgupta et al. (2010) , who concluded that pyroxenite must be an important source for OIB because 'volatile-free peridotite' cannot explain OIB compositions. However, peridotites are not singular in composition, and the sources of Hawaiian and other OIB are known to be volatile-bearing (e.g. Dixon et al., 1997 Dixon et al., , 2002 .
As to the specific arguments for pyroxenite, olivine compositions from the Hawaiian Islands play a key role in the recent debate, which motivates our collection of high-precision olivine compositions from Siqueiros and HSDP2 samples. Clague et al. (1991) were perhaps the first to recognize the high Ni contents of olivines from the Hawaiian Islands, and Garcia (2002) showed that Ni contents are especially high at Koolau. Sobolev et al. (2005 Sobolev et al. ( , 2007 suggested that for most, if not all, Hawaiian volcanoes, Ni-in-olivine is so high and Mn contents are so low as to preclude a peridotite mantle source. Similarly, it has been argued that low Ca in whole-rock compositions (Herzberg, 2006) and high SiO 2 (Dasgupta et al., 2010) and Fe/Mn (Huang et al., 2007) require that the mantle source is rich in pyroxenite. Sobolev et al. (2005 Sobolev et al. ( , 2007 and Herzberg (2006) suggested that the source for nearly all Hawaiian volcanoes is pyroxenitic, and is possibly olivine-free (Sobolev et al., 2005) . We examine each of these petrological and geochemical issues.
To be clear about the meaning of rock names, we rely on the ternary diagram of Streckeisen (1976) (Fig. 1b) . In this classification scheme, a pyroxenite is any ultramafic rock containing less than 40% olivine. A garnet clinopyroxenite is a garnet-bearing rock falling within the clinopyroxenite corner of the diagram; this same rock could be called an 'eclogite' if the pyroxene is rich in omphacite (CaMgSi 2 O 6^N aAlSi 2 O 6 solid solution). Most 'peridotites' referred to in this study fall within the fields of 'lherzolite' or 'harzburgite' . When we use the terms pyroxenite and peridotite, we generally mean all members of these rock families, unless we specifically refer to samples as being 'eclogite', 'harzburgite' or 'lherzolite', etc. (Fig. 1) . Washington (1925) may have been the first to propose that the upper mantle consists of 'peridotite', and Bowen (1928) discussed the possibility of generating basalt by decompression melting of such. Ringwood (1962a Ringwood ( , 1962b ) refined the peridotite model [Washington's (1925) 'peridotite' was, however, mineralogically very different from our modern conception of the rock], and developed the term pyrolite (1 part basalt þ 4 parts depleted peridotite) that is still used today as a reference for the bulk composition and mineralogy of the upper mantle (e.g. McDonough & Sun, 1995) . This work was followed by partial melting experiments of Yoder & Tilley (1962) and Green & Ringwood (1967) , which provided support to the peridotite model, and since then there has been much agreement that oceanic basalts derive by decompression melting of peridotite. This is not to say that the mantle is homogeneous. Hawkesworth et al. (1979) may have been the first to suggest that subducted oceanic crust is sampled at ocean islands. and envisioned that subduction causes oceanic lithosphere to accumulate at or near the core^mantle boundary, and that with heat supplied from the core, subducted material can regain buoyancy and rise to the surface as a component of thermal upwellings or mantle plumes (Morgan, 1971) . This component, if it is more fertile than ambient peridotite, could partially melt at greater depths and should be preferentially sampled where the degree of partial melting is comparatively low (Pickering-Witter & Johnston, 2000) . Zindler & Hart (1986) interpreted the isotopic signatures of hotspot volcanic rocks in terms of three different subducted materials, and subsequent isotopic studies have shown that the mantle sources of ocean islands are indeed heterogeneous, and must contain recycled crustal materials (e.g. Stracke et al., 2005; Willbold & Stracke, 2006) . estimated that the isotopic compositions of ocean island volcanic rocks can be explained by addition of 1^2% subducted sediment to mantle peridotite. Later iterations (e.g. Willbold & Stracke, 2006) still require no more than about 2% of subducted crust, added to a dominantly peridotite mantle, to explain isotopic variations [although in some variants of the model (e.g. Willbold & Stracke (2006) , 90% of the source may be recycled when depleted mantle lithosphere is included].
B AC KG RO U N D A N D P R I O R WO R K Peridotite vs pyroxenite as the Hawaiian mantle source
Comparing Hawaiian lava compositions with experimentally generated partial melts of peridotite, and noting that SiO 2 contents (at a given FeO content) were too high to be explained by partial melting of peridotite, Hauri (1996) proposed a significant departure from these models, positing a source with significant eclogite. Koolau has the highest SiO 2 among the Hawaiian Islands (Frey et al., 1994; Haskins & Garcia, 2004; Huang & Frey, 2005) , and Hauri (1996) postulated that the Koolau mantle contains up to 5% eclogite, which by selective partial melting (yielding high-SiO 2 dacitic melts) contributes up to 20% of the total melt fraction (14% on average). By these same arguments, 8% of Mauna Kea and 9% of Mauna Loa magmas contain an eclogite-derived component (Hauri, 1996) .
Additional support for a pyroxenite model derives from observed olivine compositions. Sobolev et al. (2005 Sobolev et al. ( , 2007 suggested that the high NiO contents of olivines in Hawaiian shield-building tholeiites can be produced only if the source has a mineralogy whereby Ni is incompatible compared with a peridotite source. Sufficiently low bulk distribution coefficients for Ni are achieved in their model by a pyroxenite source that is nearly olivine-free. Sobolev et al. (2007) also suggested that low MnO contents in Hawaiian olivines provide further evidence of a pyroxenite sourceça consequence of higher mineral^melt partition coefficients for Mn in orthopyroxene and clinopyroxene compared with olivine.
The pyroxenite model of Sobolev et al. (2005 Sobolev et al. ( , 2007 contrasts with the model of Hauri (1996) in that all Hawaiian shield-building lavas are generated from varying amounts of a pyroxenite source. This source is estimated to form up to 30% of the Hawaiian mantle, contributing as much as 81% of the melt erupted at Koolau, up to 51% at Mauna Loa, and 45% at Mauna Kea. The Sobolev et al. (2005) model is also multi-staged. Recycled basalt (as eclogite or pyroxenite) partially melts at great depth, and these partial melts rise to react with overlying peridotite to produce a high-MgO (18^20% MgO) olivine-free pyroxenite source, which then partially melts at shallow depths to yield Hawaiian magmas. Herzberg (2006) further suggested that Hawaiian olivine Ni contents are not only too high, but that CaO contents for nearly all HSDP2 whole-rocks are too low to be explained by partial melting of peridotite alone. He concluded that the high-SiO 2 and low-SiO 2 groups, and all but a few high-CaO glasses reported by Stolper et al. (2004) , are derived from a pyroxenite source. Huang et al. (2007) also required a pyroxenite component in the source of the Koolau volcanic rocks, based on their high Fe/Mn ratios; however, they called upon much smaller contributions of pyroxenite-derived partial melts, up to 30% for Koolau and less than 10% for other Hawaiian volcanoes.
Several studies, however, have called into question the pyroxenite model. For example, Norman & Garcia (1999) showed that magmas parental to Hawaiian tholeiites are high in MgO (at least 13^17 wt % MgO), and could not be simply generated by partial melting of eclogite (garnet pyroxenite) that represented subducted oceanic crust. They also noted that various trace element ratios are inconsistent with generation from an eclogite source. In an added complication, Hirschmann & Stolper (1996) further suggested that pyroxenite might be present beneath mid-ocean ridges. Putirka (1999) tested the pyroxenitesource model at both a mid-ocean ridge (Siqueiros) and a plume setting (Hawaii) and showed that for most pyroxenite bulk compositions, partial melts would have Sm/Yb and Na/Ti ratios that are too high for natural Hawaiian or MORB compositions. In addition, existing isotope data for Hawaiian volcanic rocks (e.g. Bennett et al., 1996; Stracke et al., 1999) constrain the amounts of recycled materials to be very small. Finally, Waters et al. (in press) showed that fertile garnet peridotite is no less suitable than garnet pyroxenite to explain enriched MORB at the East Pacific Rise.
These studies have placed doubts on the role of pyroxenite, but did not account for high SiO 2 at Koolau (Hauri, 1996) , although other studies have attempted to address the issue. Submarine lava samples show that Koolau is composed mostly of high-MgO picrites (Garcia, 2002) , just as at other Hawaiian volcanoes, although at any given MgO content these picrites are still higher in SiO 2 and lower in CaO than other Hawaiian lavas. SiO 2 contents can be increased through melt^peridotite reactions, whereby pyroxene is dissolved and olivine is precipitated, producing a SiO 2 -enriched liquid residue (Eggins, 1992; Wagner & Grove, 1998; Stolper et al., 2004) . Huang & Frey (2005) disagreed with this mechanism, at least for HSDP2 samples, because olivine precipitation should decrease Ni concentrations, and Rhodes & Vollinger (2004) showed that the high-SiO 2 HSDP flows do not have lower Ni concentrations than low-SiO 2 flows. But experiments by Matzen et al. (2009) showed that Ni contents in olivine can be controlled by the conditions of melt generation. Norman et al. (2002) allowed that dacitic partial melts from eclogite may be important at Koolau (so as to explain high SiO 2 ), but that trace element ratios for other Hawaiian volcanoes are inconsistent with an eclogitic source for Hawaiian volcanoes in general. Stolper et al. (2004) Perhaps the most compelling objection to the pyroxenite hypothesis derives from isotope ratios. Studies by Stracke et al. (1999) , Pietruszka et al. (2006) , and Elkins et al. (2008) showed that a pyroxenite mineralogy is unlikely to be important at Hawaii, or at other oceanic islands. Nevertheless, for the peridotite hypothesis to remain viable, it must be possible to explain the apparently high NiO and low MnO in Hawaiian olivines, and high SiO 2 , high Fe/Mn and low CaO contents for some Hawaiian whole-rocks.
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Olivine compositions of Hawaiian volcanic rocks
It is generally accepted that olivine plays an important role in the evolution of Hawaiian magmas, and several decades of study have led to some very important findings about the magmatic activity in general. Macdonald (1944) noted that during the 1840 Kilauea eruption, olivine phenocrysts were present in low-altitude eruptions but absent at higher elevations, thus providing evidence for the importance of olivine settling in shallow magma reservoirs (Powers, 1955) . Murata & Richter (1966) showed that the amount of olivine carried by any particular flow is correlated to the vigor of eruption, implying that high-energy eruptions entrain olivine residues. Powers (1955) and Wright & Fiske (1971) also demonstrated that the compositions of many Hawaiian lavas are governed by the addition or removal only of olivine, a process termed 'olivine control' . Such work led to an important question: might some olivines represent xenocrysts derived from disaggregated peridotite, rather than representing crystals precipitated from a liquid? In a key study of the 1959 Kilauea eruption, Helz (1987) showed that various 'petrographic classes' established on the basis of olivine zoning or deformation patterns are effectively part of a compositional continuum. She concluded that deformed or kink-banded textures do not provide evidence of xenocrystic origin, but rather that most deformed olivines formed as liquid precipitates, forming deep-seated aggregates along the walls of the Hawaiian magma plumbing system. Baker et al. (1996) and Garcia (1996) showed that most olivines from Mauna Kea (HSDP1 core samples), whether strained or unstrained, are closely related to their host magmas, and so Helz's (1987) conclusions appear to be generally applicable. Baker et al. (1996) also showed through mass-balance calculations that Mauna Kea magmas appear to entrain much of the olivine that is precipitated by parental liquids. Kurz et al. (2004) confirmed the relationship between olivine and host-rocks by showing that 3 He/ 4 He in olivine correlates with the Nd and Pb isotopic ratios of the host lavas, consistent with a genetic relationship between magmas and their entrained olivine. Finally, Garcia et al. (1995) showed that CaO contents in olivines can be an effective discriminant between those that precipitated from a melt, which have high CaO contents, and those that have equilibrated at subsolidus conditions, which have lower CaO contents (see Putirka et al., 2007) . Similarly, Norman & Garcia (1999) showed that olivine CaO contents generally follow the CaO and CaO/Al 2 O 3 contents of their host whole-rocks, consistent with the view that deformed olivines are magmatic precipitates.
We attempt to build on this foundation with a study of olivine compositions from HSDP2, and high-forsterite olivines from the Siqueiros Transform.
M E T H O D S
New olivine compositions are from (1) the HSDP2 core, which sampled an upper portion of Mauna Loa flows, but mostly sampled subaerial and submarine Mauna Kea flows , and (2) submarine flows from the Siqueiros Transform, which offsets the East Pacific Rise at $8825'N (Perfit et al., 1996) . We also examine published data from the subaerial Makapuu stage of Koolau volcano (Frey et al., 1994; Haskins & Garcia, 2004; Huang & Frey, 2005) at Oahu and HSDP2 whole-rocks (Rhodes & Vollinger, 2004) . Electronic Appendix A contains tables of data and calculations. Appendix B provides additional details for calculation methods, and sample calculations.
Electron microprobe analyses of HSDP2 olivines (Electronic Appendix, Supplementary Tables A1a and A2a, available at http://www.petrology.oxfordjournals .org) were performed on a five-spectrometer JEOL 8200 at Lawrence Livermore National Laboratory (LLNL). Initially, data were collected using an accelerating voltage of 15 kV and primary beam current of 20 nA, using a focused beam (Supplementary Table A1 ). Counting times were 20 s on peak and 10 s at each background position, yielding standard deviations from counting statistics of 3^7% for Ni, depending upon concentration. X-ray intensities were converted to concentration using the CITZAF correction program (Armstrong, 1995) Tables A1b and A2b) were initially analyzed using a JEOL 8800 at the USGS laboratory in Denver, CO, with an accelerating voltage of 15 kV, sample current of 20 nA and a spot size 10 mm. Counting times were as at LLNL, except for Ni, with counting times of 200 s on peak and 100 s on background. To compare precision, we also reanalyzed a subset of both HSDP2 and Siqueiros samples at LLNL using beam conditions of 200 nA, and counting times of 200 s on peak and 100 s on background (Table A2a and b). Our comparisons of these low-current, 'low-precision' (20 nA) and high-current, 'high-precision' (200 nA) datasets indicate that Mn and Ca data are much more precise when analyzed at the higher beam currents and longer counting times, but that there are no statistically significant nor other discernible differences with regard to NiO and forsterite (Mg 2 SiO 4 , or Fo) contents between these datasets. For comparisons of HSDP2 and Siqueiros CaO and MnO contents in olivines we thus use only electron microprobe data collected at the higher beam currents, whereas all other comparisons make use of all data in Tables A1  and A2 .
Tests for mineral^whole-rock equilibrium make use of whole-rock compositions from Rhodes & Vollinger (2004) .
For the comparison of olivine compositions with their whole-rock hosts, we use the methods outlined by Putirka et al. (2007) . Rhodes & Vollinger (2004) recognized that HSDP2 samples can be divided into four geochemical types based on major oxides and trace elements. The most striking division involves high-and low-SiO 2 groups (Fig. 1) ; a bimodal distribution verified by the analyses of HSDP2 glasses (Stolper et al., 2004) . Because the high-and low-SiO 2 groups might be generated as the product of partial melting of two dissimilar source materials (e.g. Herzberg, 2006) , or by the fractionation of a single parent, following divergent liquid lines of descent (LLD) or contrasting evolutionary paths (e.g. Stolper et al., 2004) , an approximately equal number of samples were selected from both these groups, for the determination of olivine compositions. In an attempt to quantify the relationships, and to ease inter-sample comparisons, the two SiO 2 -based groups are distinguished using the following equation:
where SiO 2 and MgO are in weight per cent (Fig. 1a) . HSDP minor and trace element abundances are from Huang & Frey (2003) and Rhodes & Vollinger (2004) .
Calculating mantle partial melts and source compositions, subsolidus equilibria and crystal lines of descent
The trace element contents of hypothetical mantle sources are calculated from the trace element contents of parental liquids. Mineral^melt distribution coefficients for most elements are from Salters & Longhi (1999) and Salters & Stracke (2004) . Partition coefficients for V and Cr are from Ulmer (1989) , Hauri et al. (1994 ), Canil (1999 , and Adam & Green (2006) . Partitioning relationships of TiO 2 , Ni, Co and Mn are given below. Additional calculation details are presented in Appendix B. Table 1 shows calculated parental melt compositions, and Table 2 and Appendix B show the mantle source compositions, calculated using different values for melt fraction (F) and assumed mantle mineralogies. The trace element contents of HSDP2 parental magmas (Table 1) are calculated from the mean of whole-rock samples with 15%4MgO421% (Huang & Frey, 2003; Rhodes & Vollinger, 2004) , and from HSDP2 sample SR641, which are thought to approximate primitive (nominally parental) liquids (see Putirka et al., 2007) . For the Siqueiros MORB source, we use trace element data from Hays (2004) , averaging all samples with 49·5% MgO (also in equilibrium with phenocryst olivine) to determine the composition of a parental Siqueiros magma. Except for Ni and Na, which are sensitive to temperature (T) and pressure (P) (see below) respectively, the same mineral^melt partition coefficients are used to calculate both HSDP2 and Siqueiros mantle sources (Salters & Stracke, 2004) . Our model peridotite mineralogy at Hawaii is 60% olivine, 20% orthopyroxene, 15% clinopyroxene and 5% garnet. For Siqueiros, we use a source mineralogy of 57% olivine, 28% orthopyroxene, 13% clinopyroxene, and 2% spinel (Workman & Hart, 2005) . We also consider other mineral proportions, based on experimental partial melting studies (Walter, 1998) . Models for a pyroxenite source assume a mineralogy of 21·4% garnet and 57·1% clinopyroxene [an average from Sobolev et al. (2005) ].
To evaluate the role of temperature in determining trace element contents of magmas and crystals, we use partition coefficients for MnO and NiO that are calibrated from experimental studies. Many partition coefficients are highly correlated with the partition coefficient of MgO, (Jones, 1984) , and it is common to express trace element partition coefficients as a function of D MgO (e.g. Wang & Gaetani, 2008) . However, D Mg is a proxy for the true thermodynamic control on partitioning (i.e.T ), as changes in partitioning behavior, including that for the highly Tsensitive D Mg , are determined by differences in partial molar entropies between liquid and crystalline phases. When partition coefficients are used as explicit functions of T, they allow a direct analysis of the effects of partial melting and crystallization driven by changes in temperature. Wang & Gaetani (2008) (Arndt, 1977) , as well as bulk composition, and Wang & Gaetani (2008) also showed a dependence on SiO 2 (expressed as a ratio of bridging to non-bridging oxygens). Because we suspect that Hawaiian magmas are generated at higher temperatures than those explored by Wang & Gaetani (2008) , we recalibrate D NiO ol^liq and D MnO ol^liq using high-temperature experimental data from the Library of Experimental Phase Relations (LEPR: Hirschmann et al., 2008, appendix C) , so as to minimize model extrapolation, obtaining
In these equations, D NiO ol^liq and D MnO ol^liq are the concentration ratios of NiO or MnO (in weight per cent) 2 ¼ 0·87 and n ¼ 93, where T ranges from 1020 to 20208C. Experimental data are listed in the Electronic Appendix. The models are derived from linear least-squares regression analysis, which iteratively excludes data points falling outside 3s variation of model error. These models are not necessarily better than the T-independent models published by Wang & Gaetani (2008) and others; equations (2a)^(2c) are useful in that they allow us to quantify directly the effects of T as a potential cause of differences in Ni concentrations, and because by using high-Tdata for calibration there is no model extrapolation when T520208C.
For Na partitioning, the following T-and P-sensitive expression is used:
where the partition coefficient, D Na2O cpx^liq , expresses the weight per cent ratio of Na 2 O between clinopyroxene and liquid, C Na2O ol /C Na2O liq . Equation (3) is calibrated from 1235 partial melting studies (Putirka, 1999; Putirka et al., 2007) . The SEE is AE0·21, R ¼ 0·68. We also calculate TiO 2 in the Hawaiian source, here using partition coefficients derived from data presented by Walter (1998) 
To illustrate the effects of fractionation on various compositional parameters, we plot 'crystal lines of descent' (CLD), the crystal complements to liquid lines of descent (LLD). These calculations use the partitioning relationships noted in this section, with curves that track the evolution of olivine over a range of T. For our CLD curves we use a Hawaiian parental liquid composition as calculated by Putirka et al. (2007) , with an initial NiO content of 0·14 wt % and MnO content of 0·17 wt %, where T and D Mg ol^liq are calculated using the models of Beattie (1993) and Putirka et al. (2007) . Equilibrium olivine is subtracted in 1·5% increments [assuming that K D (Fe^Mg) ol^liq ¼ 0·33; we use 0·33 as a middle ground between our mass-balance considerations and estimates by Matzen et al. (2011) ; see the section on 'Olivine^whole-rock equilibrium', below], withTand olivine compositions recalculated at each increment (calculated temperature ranges are c. 1200^15008C). NiO contents for CLDs are calculated using equation (2a) and MnO contents using equation (2d). Additional calculation methods, and sample calculations and for the 1 atm CLD, are given in Appendix B.
For subsolidus equilibria, we use the olivine^ortho-pyroxene partitioning relationship for NiO/MgO derived by Witt-Eickschen & O'Neill (2005) . Their work showed that
Whole-rock and olivine databases
To test whether the composition inferred for the Hawaiian source (based on lava flow compositions) is permissibly encompassed by natural peridotite compositions, we use garnet-peridotite (n ¼ 519) and spinel-peridotite (n ¼ 503) compositions generously provided by W. McDonough (Electronic Appendix Table A3a provides mean, median and standard deviation values for a number of elements for these peridotites, as well as several quantile values); these data are compared with data from GEOROC (Electronic Appendix Table A3b ). All plots of peridotite whole-rock trace element contents use data from W. McDonough (personal communication; Electronic Appendix Table A3b ). Pyroxenite whole-rock data and lherzolite olivine compositions are from GEOROC. For some of our tests, we recast the major element contents of peridotites into mineral components (olivine þ clinopyroxene þ orthopyroxene þ Al-bearing phase, garnet or spinel), using the methods of Thompson (1982) ; details are given in Appendix B.
For GEOROC olivine compositions, we check the quality of the analyses, and whether NiO contents are affected by such quality, by comparing NiO contents against olivine cation sums (ideally 3·0 on a four-oxygen basis). Of the 495 olivine compositions where major elements are reported, only two have cation sums outside the range 2·95^3·05 (0·4%) (Fig. 1c) , and NiO contents are uncorrelated. We conclude that olivine compositions reported in GEOROC are only very rarely of mistaken identity or poorly analyzed, and that the reported NiO contents faithfully represent the NiO contents of olivine; 493 olivine compositions reported in the GEOROC database from lherzolites are used.
R E S U LT S HSDP2 (and Koolau) olivine compositions: Fo, Ca and Ni contents, Fe/Mn ratios
The ranges of Ni, Mn and Fo (forsterite, Mg 2 SiO 4 ) contents in olivines recovered from the HSPD2 core are remarkably similar, regardless of the depth at which they were recovered, or whether they derive from low-or high-SiO 2 suites (Fig. 2 ). There is also no correlation (Table A2) showing CaO vs NiO in HSDP and Siqueiros olivines HSDP2; also plotted are lower precision (20 nA) data for olivines from Koolau (Garcia, 2002) . between mean or maximum Fo contents and d
18 O as determined by Wang et al. (2003) , just as there is no discernible difference between d
18 O in either of the high-or low-SiO 2 suites (Wang et al., 2003) . Maximum Fo contents may be reflective of mineral^liquid equilibration temperatures (Roeder & Emslie, 1970; Putirka, 2005) ; however, maximum Fo contents for both the high-and low-SiO 2 suites are identical at 90·5 (exclusive of post-shield flows from Runs 120^152), as are the distributions of Fo contents. Maximum Fo contents also do not vary systematically with depth for either suite (Fig. 2a) , and most flow units contain olivines that approach the global maximum of 90·5 recovered for Mauna Kea. This maximum appears to be highly reproducible as it matches the maximum value of 90·5 determined by Baker et al. (1996) .
The only evident vertical change in maximum Fo content is associated with the change from Mauna Kea to Mauna Loa volcanic rocks, as the latter yield a higher maximum Fo content of 91·0 (sample SR23), slightly higher than the maximum value (90·7) obtained by Baker et al. (1996) (Fig. 2a) . Although the differences in maximum Fo values between Mauna Loa and Mauna Kea are small, they are sustained through a large number of olivine analyses, and so appear to be real.
CaO, MnO and NiO contents in olivines also do not vary systematically with core depth, and highand low-SiO 2 HSDP suites have similar NiO contents (Fig. 2b) . Compared with HSDP2 samples, Siqueiros olivines have similar NiO contents, but have higher Fo. The HSDP2 suites define diverging trends with regard to CaO contents. Both high-and low-SiO 2 suites have similar CaO contents at high NiO and high Fo ( Fig. 2c and d) , and both evolve along what appear to be a high-and low-Ca path, but with a tendency for low-SiO 2 HSDP2 lavas to fall on the higher CaO path (Fig. 2c ), similar to Siqueiros olivines. These diverging evolutionary paths for CaO are not matched by differences in olivine concentrations for MnO, Al 2 O 3 or P 2 O 5 for either the high-or low-SiO 2 suites. Because CaO contents are identical at high Fo and high NiO contents, these differences are almost certainly unrelated to any differences in source region or parent magmas, but instead reflect contrasting liquid and crystal evolution. One possibility is that the higher CaO contents reflect lower pressures for partial crystallization for low-SiO 2 magmas. Finnerty & Rigden (1981) , for example, showed that CaO contents in olivines are higher at lower pressures; using their model, low-SiO 2 suite magmas would have crystallized olivine at an average pressure that is 3·3 kbar (19·7 kbar vs 16·4 kbar) lower than for high-SiO 2 HSDP2 magmas. However, another more likely possibility is that differences in CaO content reflect differences in the SiO 2 activity; Davidson & Lindsley (1994) showed that CaO contents in olivine are lower in systems with high SiO 2 , as Ca 2 SiO 4 reacts with SiO 2 to form a wollastonite (Ca 2 Si 2 O 6 ) component in clinopyroxene. The Davidson & Lindsley (1994) reaction mechanism is qualitatively consistent with the model of Stolper et al. (2004) , whereby high-SiO 2 magmas are generated by the reaction of low-SiO 2 magmas with wall-rocks, through the dissolution of pyroxene and precipitation of olivine. Koolau olivines (from Garcia, 2002) appear to trend to lower CaO contents (see Garcia, 2002) , but these data were collected at low beam current (20 nA), and so differences in CaO may reflect differences in analytical precision.
Among the Hawaiian Islands, pyroxenite has been called upon to explain elevated whole-rock SiO 2 (Hauri, 1996; Takahashi & Nakajima, 2002) and olivines that have high FeO/MnO (Sobolev et al., 2007) (Putirka et al., 2007) containing 0·17 wt % MnO, and precipitating olivine at 1 GPa and 1 atm (Fig. 2e) ; these curves match the observed FeO/MnO trends. Small differences in FeO or MnO within a peridotite source can almost certainly also affect FeO/MnO in olivine (peridotites have a median FeO t / MnO of 61·3, and a 99·5% quantile of 112·6). In any case, our high-precision data do indicate significantly lower FeO/MnO ratios for high-Fo olivines at Siqueiros, which have a mean of 65 AE 2·4 (n ¼ 82; range ¼ 59·4^72·1; Fo ranges from 89·3 to 91·1). This matches the pattern of lower FeO/MnO in MORB shown by Humayun et al. (2004) , and is consistent with crystallization at lower P^T conditions.
Olivine^whole-rock equilibrium
The Rhode's diagram (Fig. 3) When whole-rock compositions are compared with olivine core compositions, the data cluster to the right of the equilibrium curve defined by K D (Fe^Mg) ol^liq ¼ 0·32 for the data as a whole, and for nearly all individual flow units. However, olivine core compositions from sample SR641 fall very near the equilibrium curve; all are within the 1s error bounds of 0·32 AE 0·03, indicating that this particular whole-rock is a plausible liquid composition (Fig. 3a) . On this diagram, closed-system equilibrium fractionation would lead to a vertical array owing to the invariant whole-rock composition, with the maximum Fo content plotting on the equilibrium curve, and subsequent lower temperature precipitates falling directly below the maximum Fo. An additional test, then, is to compare only the maximum Fo contents for each flow (Fig. 3b ) (see Baker et al. 1996) . By this test, it appears that, on the whole, Hawaiian picrites (Fig. 4) carry a representative fraction of their precipitates as suggested by Baker et al. (1996) . This argument implies that the K D (Fe^Mg) ol^liq is indeed 0·32, but as noted by Putirka et al. (2007) , it may be higher, as Fig. 3b probably places a minimum value on K D (Fe^Mg) ol^liq . The reason for this is that as K D (FeM  g) ol^liq decreases, the equilibrium curve shifts to the left. With such a shift, more samples would then lie to the right of the curveçin the direction of olivine accumulation. To allow the mean of all erupted products to fall to the right of the curve implies that high-density, olivine-rich slurries are preferentially erupted over their less dense slurry-free counterparts, which seems unlikely. This analysis is consistent with the value for K D (Fe^Mg) ol^liq of 0·34 determined by Matzen et al. (2011) . Table 3 shows estimates for mantle potential temperatures for volcanoes from the island of Hawaii and maximum forsterite contents (Garcia et al., 1995; Norman & Garcia, 1999 ); here we assume equivalent pressures of 3·0 GPa, although observed variations in SiO 2 may well represent variations in equilibration P.
D I S C U S S I O N Ni and Mn contents in olivine
A key issue in support of pyroxenite in the mantle source of oceanic basalts hinges on the interpretation of high Ni in Hawaiian olivines, and their comparison with olivines from lherzolites. As we show below, the comparison between peridotite and magmatic olivine compositions is irrelevant, as these suites are affected by different kinds of equilibria, and the high Ni in Hawaiian olivines can be generated by precipitation of olivine from picritic (high-MgO, high-NiO) liquids (generated from typical peridotite) at low P and T.
To illustrate the reason for high NiO in olivine, we plot three CLDs calculated at 1 atm, 10 kbar and 20 kbar (Fig. 5a) ; initial NiO content is 0·14 wt % and the calculated T range is c. 1200^15008C. The HSDP2 NiO^Fo array is consistent with olivine fractionation at about 10 kbar on average; Siqueiros olivines with Fo contents of Fo max is the maximum forsterite content observed at each volcano; T ol-liq (8C) is the temperature of olivine-liquid equilibration at 3 GPa, assuming K D (Fe-Mg) ol-liq ¼ 0·32, and constant FeO in the liquid (Fig. 4) . T p (8C) is mantle potential temperature, assuming an approximate 1108C combined correction for the heat of fusion, and adiabatic ascent (Putirka, 2008a) .
89·5^91·0 fall on a 1 atm crystallization trend precipitating from liquids that contain 0·030^0·046 wt % NiO (or 2353 60 ppm Ni). As we discuss below, these contrasts in NiO contents between Siqueiros and Hawaii are unlikely to be related to differences in source materials, but are instead more probably due to contrasts in the conditions of partial melting.
The CLD curves of Fig. 5a were calculated using equation (2a), as this composition-independent model better captures that actual curvature of the natural Fo^NiO trends. Most importantly, olivines with the highest NiO and Fo contents can be generated by precipitation from liquids with modest NiO contents, derived from typical peridotite ( Fig. 5b; see below) . For example, at 1 atm and 1400^14108C, a Hawaiian liquid with 0·125 wt % NiO and 18·8% MgO will precipitate an Fo90·5 olivine with NiO ¼ 0·60 wt % (see Appendix B). The high NiO content results because when olivine precipitation occurs at low P, the Tof equilibration is lower, and D Ni is higher; as a consequence, basaltic magmas can precipitate olivine with NiO contents much higher than the NiO-in-olivine of their mantle source materials. Most Hawaiian olivines have much lower NiO contents, and can be generated by fractionation at the modest P inferred by Garcia (2002) and indicated by Putirka (2008c) . A few HSDP2 olivines display very low Fo contents at a given NiO content (Fig. 5a ), but NiO enrichment in the source is not required. Clinopyroxene-rich ankaramites are not uncommon at Mauna Kea (Frey et al., 1991) , and by adding clinopyroxene to the fractionating assemblage (a 50^50 mix of olivine þ clinopyroxene is shown) olivines that fall to the low-Fo (high-NiO) side of the Hawaiian CLD trend can be explained. High-NiO olivines from Koolau plot very close to the 1 atm olivine CLD, indicating that some subset of Koolau picritic magmas (but by no means all) have precipitated olivine at relatively low temperatures compared with other Hawaiian magmas.
If we take the GEOROC lherzolite olivine data at face value, lherzolite olivines are actually not much different in NiO compared with Hawaiian olivines (Fig. 5a) . A key difference in olivine compositions is not so much that Hawaiian olivines are enriched in NiO at a given Fo (their ranges in Ni are effectively equivalent), but rather that Hawaiian olivines have lower Fo for a given NiO (lherzolites have higher Fo contents overall, especially at low Ni). The reason for this most probably is that magmatic differentiation more effectively drives Fo and NiO contents to lower values compared with subsolidus processes (magmatic effects notwithstanding; e.g. Kelemen et al., 1998) . To illustrate this, we use the NiO/MgO partitioning relationships of Witt-Eickschen & O'Neill (2005) and observed orthopyroxene compositions from Hawaii to calculate the expected sub-solidus equilibrium of NiO contents for coexisting Hawaiian lherzolitic olivines. We allow olivine compositions to vary from Fo85 to Fo95 (to match the cluster of observed Fo contents for lherzolites), and then calculate NiO in olivine at 8008C, 11008C and 13008C, using the mean of observed orthopyroxene NiO/ MgO ratios (¼ 0·0028). The Witt-Eickschen & O'Neill (2005) relationships show that NiO contents in olivine are higher at lower T. For a fixed amount of MgO in the system, decreasing Tdrives NiO in olivine upwards, which can yield the near-vertical array of lherzolite compositions. In addition, data from GEOROC show that mean NiO/ MgO in orthopyroxenes from Hawaiian lherzolites are effectively equivalent to all orthopyroxenes in the GEOROC lherzolite database, which average 0·0029, indicating no particular NiO enrichments or depletions in the Hawaiian source. Natural variations in lherzolite bulk NiO/MgO undoubtedly also affect lherzolite olivine NiO/ MgO. Hawaiian lherzolitic orthopyroxenes, for example, have NiO/MgO ratios that range from 0·0018 to 0·004, which are used to calculate the two 9008C isotherms of Fig. 5a . These 9008C isotherms bracket nearly the entire range in lherzolite olivine NiO contents.
As a further test of Ni contents in mantle sources, we calculate the NiO contents of olivines that can precipitate from a liquid with a given amount of NiO; for example, 963 ppm as in HSDP2 sample SR641, which we infer to approximate a liquid (Putirka et al., 2007) . The gray field in Fig. 5a shows that if a liquid with a fixed amount of Ni is allowed to pond at different depths, hence forcing olivine precipitation at different temperatures, the resulting olivines can have very different Ni contents. Olivines from HSDP2 samples have NiO contents that are broadly similar to those of lherzolites, but are also consistent with precipitation from liquids that have NiO contents equivalent to those of their host whole-rocks (which, as we show below, can in turn be derived from typical peridotites). The highest NiO contents in both Koolau and HSDP2 olivines most probably reflect the partial crystallization of mafic (high-MgO, high-NiO) magmas at low temperatures.
Another argument that has previously been used to support a pyroxenite source for Hawaiian magmas is that Hawaiian olivines have low MnO contents (Sobolev et al., 2007) , and that such MnO depletion, coupled with Ni enrichment, is a consequence of partial melting of a pyroxenite source. As a test of this argument, we compare MnO and Fo contents for HSDP olivines with the compositions of olivines from Koolau, natural lherzolites and volcanic rocks from the Siqueiros transform (Fig. 5c) . The pyroxenite model predicts lower MnO contents for magmas with high SiO 2 (such as at Koolau and for the high-SiO 2 HSDP2 samples) and high NiO (as at Koolau). However, our high-precision data show that olivines from the highand low-SiO 2 HSDP2 groups have identical MnO contents, and both suites are broadly similar to samples from Koolau and Siqueiros. The similarity between MnO (2)], the geothermometer of Beattie (1993) and the assumption that the Fe^Mg exchange coefficient, K D (Fe^Mg) ol^liq ¼ 0·33. Parental Hawaiian magmas begin with 0·14 wt % NiO (see Appendix for sample calculations). A 1 atm CLD for Siqueiros is also shown. Dashed near-horizontal curve represents the effect of adding clinopyroxene to the Hawaiian fractionating assemblage. Nearly horizontal light and dark gray continuous lines represent subsolidus equilibration between olivine and orthopyroxene; light gray curves are isotherms calculated using NiO/MgO in coexisting opx of 0·0028; the two 9008C isotherms use minimum (0·0018) and maximum (0·004) values for NiO/MgO for Hawaiian lherzolitic opx. The gray field ranging from 0·63 to 0·41 NiO, represents the NiO contents of olivines in equilibrium with a liquid containing 963 ppm Ni (e.g. sample SR641) crystallized at temperatures from 1375 to 15008C respectively.
(continued) and liquid is highly sensitive to T and is calculated using equations (2a), (2b) and (2c), and equation (10) of Wang & Gaetani (2008) (see Appendix for a complete list of calculations), using the Hawaiian and MORB parental magmas of Putirka et al. (2007) . Ni contents for equilibrium liquids are estimated from the maximum and mean NiO contents of olivines (this study), using a D Ni calculated from the mean of equations (2a), (2b) and (2c), and assuming equilibration temperatures of 15008C for Hawaii and 13008C for MORB; Co and Ni partition coefficients are highly sensitive to mineralogy. For MORB, we use the source mineralogy of Workman & Hart (2005) . For Hawaii, the assumed source mineralogy is 60% olivine, 20% orthopyroxene, 15% clinopyroxene, and 5% garnet. If the equilibrium residual mantle mineralogy, at 20% melting, is 56·2% olivine, 31·4% clinopyroxene and 12·3% garnet (e.g. see Walter, 1998 , experiment 50.6), then Ni contents for the Hawaiian source are higher. The mantle source regions beneath mid-ocean ridges and Hawaii have effectively equivalent Co contents; Ni contents are also effectively equivalent, provided that equilibration in the Hawaiian mantle occurs at temperatures that are 250^3008C greater than for MORB (Ni in MORB liquids is almost certainly underestimated). (c) Comparison of MnO and Fo contents for olivines from Koolau, HSDP2, the Siqueiros Transform (Perfit et al., 1996; Hays, 2004) and natural peridotites (GEOROC), using all available published data, and data from Table A1 . (d) MnO and Fo contents are compared for high-precision HSDP and Siqueiros olivine analyses (Table A2) and high-precision olivine analyses from Koolau [Sobolev et al., 2007; table S2 ; ppm(X in X n O) ¼ (n)( 10 4 )(mol wt X)(wt % X n O)/(mol wt X n O)]. contents for the high-and low-SiO 2 suites is especially evident in our high-precision data (Fig. 5d) .
Some Kooalu olivines trend to lower MnO contents (Fig. 5c ), but high-precision data from Sobolev et al. (2007) (Fig. 5d) show that MnO (and FeO/MnO; see Fig. 2e ) contents at Koolau are equivalent to our high-precision data from the HSDP2. Both Koolau and Siqueiros also show MnO contents that trend to slightly higher MnO at high Fo. However, as shown in Fig. 5c and d, such mildly elevated MnO contents (if real) can be just as easily explained by fractionation at lower temperatures (and probably also lower pressures).
A key observation is that liquids containing the same amount of MnO can precipitate olivines with very different MnO contents, depending upon the depth (i.e. temperature) at which the olivines crystallize. Because NiO and MnO are less compatible at higher T, the presence of thick crust or lithosphere can result in olivines with lower MnO and NiO contents, as liquids trapped at greater depth should precipitate olivines at higher temperatures. This is illustrated in Fig. 5c and d, where the gray fields show the range of MnO contents for olivines equilibrated with a liquid containing a constant amount of MnO (0·17%, as in SR641) but that precipitates olivine over a range of temperatures. The gray curves in Fig. 5c and d trace the paths of olivine-only CLDs using this calculated range of MnO contents, and initial olivine compositions of Fo91·5. We conclude that differences in MnO contents reflect temperature control on olivine precipitation, rather than differences in mantle source composition, and that the sub-parallel trends shown in fig. 1a of Sobolev et al. (2007) are proxies for thermal contours.
Ni contents in HSDP2 whole-rocks, and natural peridotites
As with olivines, HSDP2 whole-rock compositions also show that the Hawaiian mantle is not enriched in Ni relative to natural peridotites. To illustrate this, we calculate the Ni content of the Hawaiian mantle source using the assumption that sample SR641 (18·3% MgO, 963 ppm Ni) and HSDP2 whole-rocks with similar bulk compositions (AE3 wt % MgO) are plausible primary melt compositions. For SR641, olivine^melt equilibria at 20 kbar yield temperatures of equilibration of 1483^15438C [Beattie, 1993; Putirka et al., 2007, equations (2) and (4)] (assumptions with regard to P have little intrinsic effect on the Ni calculations, but have an effect on calculated T, which in turn affects D Ni ). Models A1 and A2 from Putirka et al. (2007) yield estimates of F (melt fraction) of 0·10^0·17 for SR641. Data from the laboratory in Mainz yield a mean Ni content of 741 ppm for HSDP whole-rocks with 15% 5MgO521%, whereas the laboratory at UMass Amherst (Rhodes & Vollinger, 2004) yields an average of 831 ppm for such samples. Using Ni ¼ 831 ppm, F ¼ 0·15, and modal melting with a bulk distribution coefficient
, the Ni concentration in the Hawaiian peridotite source would be 2137 ppm. This value is remarkably close to, but less than, the median (2198 ppm) and mean Ni (2320 AE 644 ppm; Appendix B, Table B3 ) contents in peridotites, and is within 1s variation of the peridotite mean. Using the Ni content of SR641 yields a mantle source with 2477 ppm Ni. Although there is clearly some uncertainty in determining Ni contents in the Hawaiian source, these estimates show that the Hawaiian source has Ni contents that are very close, if not identical, to those of typical peridotites.
We should emphasize that we use SR641 as a primary melt because we suspect that its whole-rock composition represents that of a liquid, and so we can estimate the Tof olivine^liquid equilibration, the Ni content of the putative primitive liquid, and the melt fraction, F. We suspect that Hawaiian liquids are generated at higher temperatures (and pressures) than the olivine^liquid equilibration T for SR641, and that will decrease our estimates of Ni in the source region. But even if we hold Ni constant at 831 ppm, and F constant at 0·2, and then increase T to the highest value obtained from olivine^liquid equilibria (16658C; Putirka, 2008a) , calculated Ni contents for the source region are still peridotite-like (1421^2381 ppm; Fig. 5b) . And of course, magmas generated at higher T will have higher MgO and Ni, and will be generated at lower F as P will be higher (they will be closer to the solidus), and these changes would have the effect of increasing estimates for Ni in the mantle source region, offsetting the effects of increased T.
Is the MORB source depleted in Ni relative to Hawaii? Sobolev et al. (2005) used MORB as an example of a partial melt of a mantle source that is free of pyroxenite, although this was revised in a later paper (Sobolev et al., 2007) , where pyroxenite was inferred to be present beneath MORs. In any case, Sobolev et al. (2005) showed that Ni contents in olivines from MORB are much lower than at Hawaii, and indeed, MORB whole-rocks and glasses contain far less Ni than Hawaiian whole-rock samples. This comparison holds for picrites from Siqueiros and HSDP2. Three samples from Siqueiros have MgO49·5% and contain 574 AE167 ppm Ni (Perfit et al., 1996; Hays, 2004) , but the remaining 36 samples from Siqueiros that average 7·93 AE 0·54% MgO have just 83 AE 22 ppm Ni (Hays, 2004) . In contrast, HSDP2 rocks with 7%5MgO59% have 136 AE 36 ppm Ni, much higher than the bulk of the mafic samples at Siqueiros with similar MgO contents. However, in both cases, Ni contents are undoubtedly low compared with parental magmas owing to fractionation of olivine (Fig. 5) .
To illustrate further, we compare both Co and Ni contents for the mantle sources for HSDP2 lavas and MORB, as represented by high-MgO samples from Siqueiros (Hays, 2004) (Fig. 5b) (Putirka, 2008a) . Mantle mineralogies are as discussed in the Methods section and Appendix B. For the Ni contents of primitive MORB magmas, we average the maximum (0·382 wt % NiO) and mean (0·326 wt % NiO) NiO contents of Siqueiros high-Fo olivines (0·354 wt % NiO; Table A2 ), and assume a temperature of olivinel iquid equilibration of 13008C to obtain a bulk distribution coefficient of 8·0 [using equations (2a)^(2c)]; this yields a Ni content of 350 ppm for the Siqueiros parental liquids (see Appendix B) , which is what we derive from our CLD analysis of Fig. 5a . We use 831 ppm Ni for Hawaiian primitive magmas. For calculated Ni contents for the source regions in Fig. 5b , we use equations (2a)^(2c) and equation (10) from Wang & Gaetani (2008) ; all calculations are shown in Appendix B.
There is considerable uncertainty in calculating Co and Ni contents in basalt source regions, as Co and Ni contents in primary liquids are not easily obtained. However, as illustrated in Fig. 5b , Siqueiros and Hawaiian basalts can potentially be derived from sources with nearly identical Co and Ni contents, provided that the Hawaiian source is $3008C hotter than MORB. The thermal contrasts are lessened if primitive Siqueiros picrites have greater NiO contents (the thermal contrasts are zero if the highest Ni contents for Siqueiros picrites are used as input), and are increased if Hawaiian magmas are generated at lower F. Perhaps more importantly, Co and Ni contents for both the MORB and Hawaiian sources match peridotite compositions very well, but are a very poor match for pyroxenite. This result is valid regardless of whether we use equations (2a)^(2c) or the Wang & Gaetani (2008) model [their equation (10)] to calculate D Ni ol^liq , or whether we adopt higher Ni contents for primary Siqueiros magmas. Of course, the temperatures used in Fig. 5b are not mantle potential temperatures, but rather they represent a range of temperatures at which olivine may have equilibrated with primitive Hawaiian and MORB magmas. But if we can accept that Hawaii is underlain by a thermal plume with an excess temperature of c. 3008C (e.g. Putirka et al., 2007) then similar thermal contrasts in their respective magma plumbing systems should be expected, in which case their mantle sources may have equivalent mineralogies and very similar Ni contents.
HSDP whole-rock compositions compared with peridotite partial melts
If NiO contents provide evidence against a pyroxenite source, what can be said for CaO or SiO 2 ? Here, we compare Hawaiian lava compositions with the compositions of 285 experimentally produced liquids that are either equilibrated with a peridotite mineral assemblage or ultimately derived as partial melts from a peridotite bulk composition (Fig. 6) . The peridotite-derived liquids used for comparisons involve both fertile and infertile, anhydrous and hydrous bulk compositions, and liquids derived at low F (with a lherzolite mineralogy) and high F (with a harzburgite or 'dunite' residue). We use these compositions as we suspect that (1) the mantle is not singular in composition, (2) high values of F may be appropriate at Hawaii, and (3) most lava compositions, even when corrected to high MgO (e.g. Dasgupta et al., 2010) or to be in equilibrium with a given mantle olivine composition, are not necessarily direct mantle partial melts, and are not necessarily co-saturated with olivine þ clinopyroxene þ orthopyroxene AE garnet or spinel (see Kinzler & Grove, 1992) . We also compare natural Hawaiian compositions with experimental pyroxenite-derived liquids from Kogiso & Hirschmann (2001) and Keshav et al. (2004) , and we compare experimentally produced liquids with high-SiO 2 compositions from Koolau (Frey et al., 1994) .
We wish to emphasize that melting is undoubtedly incremental and polybaric, and so there is no expectation that because a natural whole-rock composition matches a particular experiment that a primary mantle-derived magma composition has been identified. However, primary magmas are almost certain to lie along, or on extensions of, natural geochemical trends and so a comparison of natural and experimental compositions, especially at high MgO, should be useful.
A key aspect of this comparison is that it is only necessary that one or a few experimental liquids lie along the main HSDP2 compositional trend, preferably at high MgO (4 17% MgO), where we assume that parental liquids will be situated (Norman & Garcia, 1999; Putirka et al., 2007) . The reason for this is that it is well established that once on that trend, the remainder of the HSDP2 compositions can be generated through the addition or subtraction of (largely) olivine (Rhodes & Vollinger, 2004) . Our comparison shows that with regard to CaO, FeO t , SiO 2 , Al 2 O 3 and other major oxides (Fig. 6) , Hawaiian parental magmas can be produced as partial melts of peridotite.
The SiO 2 contents of peridotite-derived liquids easily encompass the entire range of SiO 2 contents observed at the Hawaiian Islands, including the high-SiO 2 subaerial Koolau volcanic rocks (Fig. 6a) . Indeed, model peridotitederived liquids calculated by Longhi (2002) at 1·0 GPa encompass the SiO 2^M gO variation of high-SiO 2 Koolau samples well. Moreover, although Herzberg (2006) argued that CaO contents at Hawaii are too low to be produced from a peridotite source, Hawaiian liquids are only low in CaO relative to liquids produced by the and Koolau compared with the compositions of experimentally generated partial melts (Falloon et al., 1988; Kinzler & Grove, 1992; Takahashi et al., 1993; Baker & Stolper, 1994; Longhi, 1995; Herzberg & Zhang, 1996; Kushiro, 1996; Kinzler, 1997; Robinson et al., 1998; Walter, 1998; Falloon & Danyushevsky, 2000; Pickering-Witter & Johnston, 2000; Longhi, 2002) . Experimental liquids are derived using peridotite starting compositions, or equilibrated with a peridotite (sensu stricto) mineral assemblage. Several experimental partial melts are highlighted in the figure; PM^K/O is a mixture of three melt compositions:
, where PM^K/O signifies the parental magma for Koolau, K&G92 is experiment H154 from Kinzler & Grove (1992) , F88 is experiment T-762 from Falloon et al. (1988) and F&D00 is experiment T-3572 from Falloon & Danyushevsky (2000) . In (e) and (g) we also show data for Siqueiros (for picrites with 10·34^12·78 wt % MgO; Perfit et al., 1996; Hays, 2004) experiments of Herzberg & Zhang (1996) and Walter (1998) . Other experimental studies, such as those of Falloon et al. (1988; 3·0 GPa) , Takahashi et al. (1993; 4·66 ·5 GPa) , Kushiro (1996; 1·5^3·0 GPa, 1350^14808C) , Falloon & Danyushevsky (2000; 1·5^2·0 GPa, 13501 5608C) and Longhi (2002; 2·8 GPa, 15738C) yield liquids that match CaO contents at Hawaii remarkably well (Fig. 6b) . Ironically, pyroxenite-derived liquids have CaO contents that are too high compared with Hawaiian samples, although this difference might reflect the small dataset and consequent narrow range of starting compositions explored for these rock types. (Because pyroxenites are effectively crystalline basalts, presumably one can easily find one to match any particular basaltic rock.) At low MgO, Hawaiian rocks tend to have lower Al 2 O 3 than peridotite-derived experimental liquids (Fig. 6c) , but Rhodes & Vollinger (2004) (Fig. 6g) are from Falloon et al. (1988; 1·0^1·5 GPa, 1330^14008C) , Kinzler & Grove (1992; 1·1^1·6 GPa, 1280^13208C), Takahashi et al. (1993; 4·6 GPa, 17508C) , Kushiro (1996; 2·5^3·0 GPa, 1470^15008C) , Walter (1998; 4·5^7·0 GPa, 1620^18108C) and Longhi (2002; 2·8 GPa, 1510^15558C) . Although we did not restrict our selection of peridotite-based experiments, these peridotite-derived experimental liquids are furthermore nominally anhydrous, and so at Hawaii contradict the premise of Dasgupta et al. (2010) . It is perhaps worth noting that our highlighted experiments in Fig. 6 fall on a single line in Fig. 6e , but not in Fig. 6g , because unlike FeO t , the SiO 2 contents in peridotite partial melts are not a monotonic function of P; when using the Si-activity model of Beattie (1993) and additional compositional corrections to formulate a barometer, however, global OIB fall on a single curvilinear P vs FeO t trend (Putirka, 2008c) , indicating that most OIB compositions can be related by partial melting of a peridotite source at varying P and T, with P ranging from 1·7 to 3·6 GPa, when using the Si-activity barometer of Putirka [2008c; equations (41) and (42)] and parental OIB magma compositions from Putirka (2008a) . Although it is still true that most experimental liquids in Fig. 6g yield lower FeO t contents at a given SiO 2 than HSDP samples, this represents less the failure of peridotites to generate such liquids, and more the lack of experiments conducted at either sufficiently high pressures or on precisely the right types of peridotite bulk compositions. Returning to HSDP2 compositions, experiments by Falloon et al. (1988; runs T-762 and T-781 , at 1 GPa and 1350 and 14008C), Takahashi et al. (1993; 4·6 GPa and 17508C) and Kushiro (1996;  3 GPa and 14708C) each precisely explain both FeO t and CaO contents at the Hawaiian Islands, and collectively bracket Hawaiian SiO 2 , Al 2 O 3 , and Na 2 O contents. Indeed, all but one (Takahashi et al., 1993) reproduce even the high TiO 2 at Hawaii, although the Takahashi et al. (1993) experiment, at 19·8% MgO, comes closest to reproducing the high MgO contents expected for Hawaiian parental magmas (e.g. Norman & Garcia, 1999; Putirka, 2005) . It is not precisely clear why these experiments more precisely explain Hawaiian geochemical trends than, say, experiments by Walter (1998) . The peridotite starting compositions, KLB-1 used by Takahashi et al. (1993) and PHN1611 used by Kushiro (1996) , have slightly lower Al 2 O 3 (by 1% on average) and SiO 2 (by 0·8% on average), and higher Na 2 O (0·1% on average), compared with the KR4003 peridotite used by Walter (1998) . However, even Walter's (1998) partial melts approach Hawaiian compositions, with only slightly lower Al 2 O 3 and slightly higher CaO, and all three peridotite types have very similar CaO contents (KLB-1, 3·44%; PHN1611, 3·26%; KR4003, 3·45%). Peridotites are in any case not singular in composition, and partial melting does not occur at singular values of P and T, and partial melting experiments have associated errors. The clear implication of Fig. 6 is that peridotite-derived liquids can reproduce Hawaiian compositions on average; for most oxides such experiments are perhaps most informative collectively, rather than individually.
Our comparisons nevertheless still reveal some important systematics. For example, regardless of experimental bulk composition or the laboratory in which the experiments were performed, high FeO contents at Hawaii are explained by peridotite partial melting only at high P and T (i.e. between 3 and 5 GPa, and 1530^17508C) as bracketed by experiments and models by Takahashi et al. (1993) , Kushiro (1996) , Walter (1998) and Longhi (2002) (see Klein & Langmuir, 1987; Langmuir et al., 1992) . In contrast, FeO t at Siqueiros is best explained if most partial melting occurs at pressures slightly greater than 1·0 GPa, and less than 3·0 GPa (and F ¼ 0·1) (Fig. 6e and g ), which is consistent with experiments that show that high-MgO Siqueiros glasses are saturated at 1·2^1·3 GPa with a peridotite residue (Wendlandt & Ridley, 1994) , the work of Perfit et al. (1996) , which indicates partial melting conditions of 1240^13408C and 1 GPa, and estimates by Gregg et al. (2009) indicating a mantle potential temperature of 13508C. The significantly higher P estimates for partial melting at Hawaii compared with Siqueiros are in agreement with our results for high temperatures of partial melting to explain the contrasts in NiO contents, and are furthermore in agreement with the high temperatures calculated at Hawaii (Putirka et al., 2007) from olivinel iquid equilibria (16658C) (mantle source independent), and models based on partial melting experiments by MaalÖe (2004) , which show that Hawaiian picrites with 23% MgO should be saturated with a harzburgite residue at 36 AE 5 kbar and 1680 AE 508C. We emphasize that none of these estimates are precise in detail, but collectively they provide a firm picture of the P^T conditions of melt generation at the Hawaiian Islands and the mid-ocean ridge system.
A peridotite source for high-SiO 2 Koolau lavas
Volcanic rocks erupted at Koolau (Frey et al., 1994; Haskins & Garcia, 2004; Huang & Frey, 2005) , and exposed on the submarine flanks of the volcano (Garcia, 2002) have distinct compositions: not only are SiO 2 contents higher at any given MgO content compared with other Hawaiian lavas (Fig. 6a) , but CaO and TiO 2 are distinctly lower ( Fig. 6b and d) and Al 2 O 3 is subtly higher (Fig. 6c) ; such differences have motivated the development of pyroxenite-bearing source models (Hauri, 1996; Huang & Frey, 2005) . For a peridotite source to be valid at Koolau, it must be possible to simultaneously explain its SiO 2 , Al 2 O 3 , CaO and TiO 2 contents, as well as the high FeO t contents which generally characterizes Hawaiian magmas. No particular experimental liquid has all these compositional characteristics, but several experiments bracket the Koolau composition, and an accumulation of such liquids, as might be expected during polybaric melting, can produce the Koolau compositions precisely. For example, although by no means a unique solution, the following mixture of peridotite-generated liquids was successful in this regard:
where PM-K/O signifies the parental magma for Koolau. In equation (4) 1·5 GPa, 15008C; 51·9% SiO 2 ; 6·74% CaO). These experiments were not conducted using identical bulk compositions or P^T conditions, but each of these liquids is the product of peridotite partial fusion, within a broadly similar P range of 1^1·5 GPa, over a range in T, 1280^15008C.
Other bulk compositions and P^Tconditions intermediate between these three experiments could yield the same result. This is not to imply that 1^1·5 GPa is the P range at which the Koolau parental melts were created. Sen et al. (2005) used isotopic data to argue that the Koolau magmas did not interact with the oceanic lithosphere (75^80 km, Bock, 1991) ; they concluded that rising Koolau magmas traveled through a chemically insulated conduit, jacketed by an inert zone up to 2 km in thickness. Our results indicate that the high-SiO 2 samples at Koolau can be explained by generation from a peridotite source, provided that such liquids re-equilibrated at pressures of 1^1·5 GPa (c. 45^50 km), within this insulated conduit, which in effect is the model of Wagner & Grove (1998) . Finally, although partial melts of a pyroxenite source can yield the high FeO/MnO ratios (and high SiO 2 ) observed for whole-rocks at Koolau (Huang et al., 2007) , Fig. 6h illustrates that a pyroxenite source is an unnecessary explanation for elevated FeO/MnO. First, partial melts from peridotites span a very broad range of FeO/MnO ratios, from as low as 10 to 4150. Many of the experiments shown in Fig. 6h have lower FeO/MnO compared with Hawaii (in large part because of the very high FeO in Hawaiian lavas, rather than Mn depletion; see Fig. 6e and g) ; however, these peridotite-derived liquids have MnO contents that range from nearly zero to 40·4 wt %. Second, the inter-island variation among the Hawaiian Islands is negligible, trending orthogonal to the trend of experimental partial melts of pyroxenites (although, again, we acknowledge that this is a small pyroxenite dataset). Although some Koolau olivines are Mn depleted (Fig. 5c) , and some whole-rocks have elevated FeO/MnO, neither of these characteristics at Koolau exceeds observed variations from lherzolite-derived olivines or peridotite-derived liquids. Finally, even if high-precision olivine compositions do indeed yield variations in FeO/MnO ratios, the magnitude of these differences, when compared with the range of FeO/MnO in olivines that can be generated by fractionation (Fig. 5e) , is far too low to require anything but minor differences in source region composition, let alone source mineralogy.
TiO 2 enrichments in the Hawaiian source Prytulak & Elliott (2007) showed that high TiO 2 is a characteristic of many ocean islands, including Hawaii, and concluded that 1^10% of mafic crust, sediment or metasomatic veins may contribute high TiO 2 to mantle-derived OIB magmas. Jackson et al. (2008) observed a positive correlation between TiO 2 and 3 He/ 4 He ratios, and suggested that this correlation is evidence for an isotopic mantle component that is also distinct with respect to its major element composition. This correlation is not entirely clear. Putirka (2008a Putirka ( , 2008b ) observed a correlation between 3 He/ 4 He and mantle potential temperature (T p ), but TiO 2 contents in the parental compositions of Putirka (2008a) do not correlate with isotope ratios or T p . Below, we examine the TiO 2 and trace element contents of HSDP2 lavas to test what kind of mantle source is required to produce primitive Hawaiian magmas.
In the context of mantle mineralogy, two questions are important. (1) Can peridotites dissolve sufficient TiO 2 (or any other given element) to explain Hawaiian magmatic TiO 2 contents? If so, then (2) do natural peridotites contain sufficient TiO 2 ? As to the former question, experiments by Longhi (1995) (the highest TiO 2 data in Fig. 6d ) indicate the affirmative. These partial melts have up to 6·25 wt % TiO 2 at low F, and more than 4 wt % when F40·2, well beyond the 1·86% TiO 2 observed in HSDP2 rocks with 15^21% MgO, or even the maximum TiO 2 for parental OIB magmas of 2·8 wt % at Heard Island, as calculated by Putirka (2008a) . Clearly, more than sufficient TiO 2 can be dissolved within a peridotite mantle source to explain the TiO 2 contents at any ocean islandçhigh TiO 2 does not intrinsically require a different mineralogy. However, the Longhi (1995) experiments used starting compositions with as much as 2·17% TiO 2 , much higher than that of most peridotites.
To address question (2), we compare natural peridotite TiO 2 contents with those calculated for the Hawaiian mantle source, assuming that F ¼ 0·1^0·2 (see Putirka et al., 2007) , using two contrasting mineralogies. We consider a garnet wehrlite residue [experiment 45.03 of Walter (1998) yields a renormalized mineralogy of olivine ¼ 59%, clinopyroxene ¼ 29·4%, garnet ¼11·6%], as experiments by Walter (1998) indicated that at high pressure (4·5^5·0 GPa) and at F ¼10^20% [Feigenson et al. (2003) estimated F ¼ 0·08^0·15 for HSDP2 mafic lavas], high-MgO melts may be in equilibrium with such materials. We also use a nominally fertile peridotite source (olivine ¼ 60%, clinopyroxene ¼15%, orthopyroxene ¼ 20% and garnet ¼ 5%). For the partition coefficients noted in the Methods section, sample SR641 requires a source with 0·26 wt % TiO 2 at F ¼ 0·1, and 0·43 wt % TiO 2 at F ¼ 0·2, using a peridotite residue, and 0·30% and 0·46% TiO 2 for F ¼ 0·1 and 0·2 respectively using a wehrlite residue. These values are 3^5 times higher than the median peridotite TiO 2 content of 0·09 wt %, and are higher than estimates for depleted mantle (Salters & Stracke, 2004 , 0·2% TiO 2 ; Workman & Hart, 2005, 0·13% TiO 2 ). The Hawaiian source, however, lies between the 90% and 99·5% quantiles for natural peridotites, which contain 0·2 and 0·55 wt % TiO 2 . The Hawaiian source is thus enriched in TiO 2 compared with typical natural peridotites and estimates of depleted mantle. In contrast, the source for the Siqueiros magmas appears to require less or perhaps no enrichment in TiO 2 . Parental Siqueiros magmas contain 0·97% TiO 2 and the calculated Siqueiros mantle source contains 0·07^0·08% TiO 2 if the melting residue is harzburgite, or 0·14^0·23% TiO 2 if the residue is peridotite (Workman & Hart, 2005) .
As for natural peridotites, the nature of the TiO 2 enrichment is not clear. Peridotite samples that contain TiO 2 40·2 wt % and that have been analyzed for La and Yb have (La/Yb) N (chondrite-normalized La/Yb) ratios that exceed 2·0, the value that McDonough & Sun (1995) used to filter peridotites affected by metasomatism. However, spinel peridotites indicated as 'wet' in the McDonough database contain a mean of 0·118 wt % TiO 2 and a median of 0·087 wt %, whereas those labeled 'dry' have a mean of 0·111 wt % and a median of 0·091 wt %; TiO 2 is furthermore uncorrelated with either La/Yb (R ¼ 0·074) or La/Nb (^0·113) for the garnet þ spinel peridotite dataset as a whole. Therefore it is not clear that metasomatism is the appropriate enrichment mechanism. Among spinel peridotites, however, TiO 2 contents are most strongly correlated with Al 2 O 3 or, when recast as mineral components, with calculated spinel or garnet contents (R ¼ 0·57 for calculated garnet contents and R ¼ 0·59 for spinel). By these mass-balance calculations, a source with 0·3 wt % TiO 2 could be achieved from one that has c. 10% garnet or spinel (as opposed to the average calculated spinel content of 4·0%, or the average of 4·4% garnet for the natural peridotites). Therefore TiO 2 contents in the natural peridotite database may reflect a degree of fertility more than any effect related to metasomatism.
To better constrain the fertility of the Hawaiian source, we calculate the trace element compositions of Hawaiian and Siqueiros parental magmas (Table 1) , and from these, their mantle sources (Table 2 ; see Appendix B for details of the calculations). Our Hawaiian mantle source, when compared with our Siqueiros mantle or published depleted mantle sources is enriched in trace elements from Rb to V, including moderately incompatible elements (Ti, Hf, Eu, and Y) and several compatible elements (Yb and Lu). Trace element and isotopic enrichments at Hawaii have been explained previously by the addition of small amounts of subducted sediment or MORB crust emplaced into ambient mantle (e.g. Weaver, 1991; Prytulak & Elliott, 2007; Jackson et al., 2008) . To obtain our calculated Hawaiian mantle source, we were unable to add subducted continental crust (as sediment) from Hofmann (1988) to depleted mantle (Salters & Stracke, 2004) , as mixing of continental crust yields higher than observed enrichments in highly incompatible elements such as Rb, Ba and Th, and would result in lower than observed concentrations for Co, Cr, and Ni (unless large ion lithophile elements are stripped from down-going subducted plates; Weaver, 1991) . However, we find that a simple two-component mixture involving mean MORB þ depleted mantle (Salters & Stracke, 2004) reproduces our calculated Hawaiian source mantle remarkably well (Fig. 7a) . For the subducted MORB composition, we use the mean of all compositions reported in the PetDB database (http://www.petdb. org/petdbWeb/index.jsp) (Electronic Appendix A: Table  A4 ). To obtain a mixing ratio, we searched for the ratio that best matches our calculated Hawaiian source (Table 2) , assuming a wehrlite residue and F ¼ 0·1. The mixing ratio that best describes the Hawaiian Source (HS) is HS ¼10·8% MORB þ 89·2% DM (Depleted Mantle) (Salters & Stracke, 2004 ) (Electronic Appendix A: Table A5 ). The coefficients are not highly precise. If we use only the elements from Nb to Lu (thus assuming that we know their concentrations and partitioning behaviors better than those of other elements), the mixing ratio is HS ¼12·9% MORB þ 87·1% DM; if we use TiO 2 as the only constraint, the mixing ratio is HS ¼ 5% MORB þ 95% DM (Table A5 ). These estimates are nevertheless consistent with Os and Pb isotopic constraints that place the amount of an enriched component in the Hawaiian source at about 10% or less (Bennett et al., 1996; Hauri et al., 1996) .
By adding 10·8% MORB to a depleted mantle, we calculate by mass balance that the bulk mineralogy would be 60·1% olivine, 15·4% clinopyroxene, 13·9% orthopyroxene and 10·6% garnet (Table A5 ). In contrast, Sobolev et al. (2007) and Jackson et al. (2008) proposed that the amounts of MORB crust that might be added to plume sources may be !20%. The problems associated with adding 20% MORB to DM, however, are several. Besides the contradiction with Os^Pb isotope data at Hawaii (Bennett et al., 1996; Hauri et al., 1996) , such a mantle source would be depleted in Ni, and so would predict that Hawaiian basalts would have lower Ni than MORB, a characteristic that is not observed. Additionally, Norman & Garcia (1999) noted that addition of large amounts of basaltic crust (they considered a 25% MORB^75% peridotite mixture) would lead to a 'hyperfertile' mantle. Our mass-balance calculations support this view. Adding 20% of MORB (7·6% MgO, 15% Al 2 O 3 , 11·6% CaO) to a DM (39% MgO, 4% Al 2 O 3 , 3·2% CaO; Workman & Hart, 2005) would lead to a mantle source with low MgO (32·7%) and high Al 2 O 3 (6·2%) and CaO (4·8%). Using olivine, orthopyroxene and clinopyroxene mineral compositions from Workman & Hart (2005) and a garnet composition from PHN-1611 (Takahashi & Ito, 1987) , the mineralogy of such a source would contain 38·1% olivine, 27·5% orthopyroxene, 18·5% clinopyroxene and 15·9% garnet. Such a source can be rejected, as it would have higher than observed Sm/Yb or La/Lu ratios. Appropriate Sm/Yb ratios can be achieved from this source only if F ! 0·35, but increasing F beyond 0·25 Siq. normalized to median peridotite Haw. normalized to median peridotite Haw. normalized to Siqueiros mantle Haw. normalized to DM (Salters & Stracke, '04) Haw. normalized to enriched mantle (Lyubetskaya & Korenaga, 2007) and compared with similarly normalized partial melts of a hyperfertile mantle source (38·1% olivine, 27·5% orthopyroxene, 18·5% clinopyroxene and 15·9% garnet, derived by mass balance from a chemical mixture of 20% MORB þ 80% DM; see text).
yields abundances for incompatible elements that are too low (Fig. 7b) . Adding more MORB crust simply creates more garnet in the source and adds to the overall hyperfertility of the mantle. Adding mafic gabbro (e.g. Perk et al., 2007 ; Pito Deep at the East Pacific Rise) to the subduction package exacerbates the problem, as such rocks have too little MgO to affect the mineral mass balance, and they have so little TiO 2 as to require adding more MORB crust into the mix to match the observed Hawaiian TiO 2 contents.
C O N C L U S I O N S
We have demonstrated that a mantle source with a peridotite mineralogy is a flexible source that is perfectly capable of generating Hawaiian and Siqueiros magmas. Our most important findings are as follows.
( 1 Wagner & Grove (1998) and Stolper et al. (2004) . Lower FeO contents at Siqueiros are explained by peridotite partial melting at just above 1·0 GPa, and mostly below 3 GPa. High P at Hawaii furthermore leads to elevated FeO/MnO, whereas later cooling and partial crystallization lead to minor but measurable increases in FeO/MnO ratios. (4) As shown in previous studies, TiO 2 (Takahashi et al., 1993; Prytulak & Elliott, 2007) and many trace elements (Hofmann, 1997) are enriched in the Hawaiian source compared with both depleted MORB-source mantle and 'typical' natural peridotites. The TiO 2 content in the Hawaiian mantle is in the range 0·20 ·4 wt %, above estimates for depleted mantle, and between the 90% and 99·5% quantile values of natural peridotites. Both the TiO 2 and trace element contents at Hawaii can be explained by the addition of 5^12% of a crustal component identical to modern MORB, mixed into an ambient mantle that is similar to the Depleted Mantle (DM) of Salters & Stracke (2004) or Workman & Hart (2005) . We do not advocate this as the sole mantle replenishment mechanism, but it is at least consistent with the Pb-isotope study of Eisele et al. (2003) . Ironically, if TiO 2 is indeed a signal of mantle enrichment, Koolau has less of this enrichment than HSDP2 samples.
We should perhaps emphasize that our work does not preclude the addition of pyroxenite or eclogite to ambient mantle. The MORB recycling that we advocate to explain the TiO 2 and trace element contents at Hawaii almost certainly involves conversion of MORB to eclogite during subduction. Rather, we question whether large amounts of eclogite or pyroxenite are preserved so as to provide the principal mineralogy during later partial melting. High temperatures and potentially long residence times for recycled components subducted to the base of the lower mantle may well result in their mixing with ambient mantle before their return upwards. Blichert-Toft et al. (1999) , for example, suggested that complete mixing could take place in 50·4 Gyr, although isotopic data assure us that some such heterogeneities are preserved. Perhaps more importantly, hypotheses that attribute the various geochemical characteristics of oceanic basalts to mineralogical heterogeneity in the mantle source, may, by their very nature, minimize real and important contrasts in the conditions of magma generation and evolution (as emphasized here) or contrasts in mantle permeability or magma transport rates (e.g. Sims et al., 1999) . The limits to which these process-based models fail to explain observed magma compositions is where we must look to delimit minima in mantle source differences.
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Calculating trace element contents of mantle source regions
The trace element contents of hypothetical mantle sources are calculated from the trace element contents of parental liquids. Trace element compositions are determined as follows. Mantle source compositions are calculated using the batch partial melting equation
MS is the concentration of i in the mantle source, C i P is the concentration of i in the parental magma, F is melt fraction and D i is the bulk distribution coefficient for component i). Mineral^melt distribution coefficients for most elements are from Salters & Longhi (1999) and Salters & Stracke (2004) . Partition coefficients for V and Cr are from Ulmer (1989) , Hauri et al. (1994 ), Canil (1999 , and Adam & Green (2006) . Partitioning relationships of TiO 2 , Ni, Co and Mn are explained in the main text. Although more complex partial melting models might be employed, Langmuir et al. (1992) have shown that batch partial melting yields similar results to those obtained by the summing of fractional melts when calculating pooled primary mantle melt composition (i.e. parental magmas). Our tests of more complex models showed such to be unwarranted, given the uncertainty involved in determining partition coefficients, parental magma compositions, and the range of values of F at which parental magmas may be generated.
Values for C i P are derived assuming that parental magmas have MgO contents as determined by Putirka et al. (2007) and Putirka (2008a Putirka ( , 2008b . The trace element contents of HSDP2 parental magmas (Table 1) are calculated from the mean of whole-rock samples with 15%4MgO421% (Huang & Frey, 2003; Rhodes & Vollinger, 2004) , which are thought to approximate primitive (nominally parental) liquids (see Putirka et al., 2007) . As we show in the Results section, tests for olivine^liquid equilibration indicate that sample SR641 (or R0641), with 18·3% MgO, is the most mafic sample where the whole-rock composition can be treated as a liquid (Putirka et al., 2007) . Trace element concentrations for HSDP2 samples display little variation for rocks with similar MgO contents, therefore we average the trace element contents of all HSDP2 samples with 18 AE 3% MgO. Similar results are obtained if only trace element concentrations for SR641 are used. For the Siqueiros MORB source, we use trace element data from Hays (2004), averaging all samples with 49·5% MgO (where MgO ranges to 10·12%). Except for Ni and Na, which are sensitive to temperature (T) and pressure (P) respectively, the same mineral^melt partition coefficients are used to calculate HSDP and Siqueiros mantle sources (Salters & Stracke, 2004) ; for Ni and Na, we use P^Tconditions calculated by Putirka et al. (2007) and partitioning relationships as shown in the Methods section.
To explore trace element enrichments, we compare natural peridotites and calculated mantle sources at Hawaii and Siqueiros using a number of trace elements (Table 2 ; Fig. 7a and b) . These calculated source mineralogies use the depleted mantle mineralogy of Workman & Hart (2005) and a nominal harzburgite mineralogy (70% olivine, 30% orthopyroxene) at Siquieros. At Hawaii we consider a garnet wehrlite residue [Walter's (1998) experiment 45.03 yields a renormalized mineralogy of olivine ¼ 59%, clinopyroxene ¼ 29·4%, garnet ¼11·6%], as experiments by Walter (1998) indicate that at high pressure (4·5^5·0 GPa) and at F ¼10^20%, high-MgO melts may be in equilbrium with such. We also use a nominally fertile peridotite source (olivine ¼ 60%, clinopyroxene ¼15%, orthopyroxene ¼ 20% and garnet ¼ 5%). We assume that F ¼ 0·1^0·2 at Hawaii and 0·08^0·15 at Siqueiros. The results (at least on a log-scale) are robust against these ranges in F, and the noted mineralogical uncertainty.
Recasting whole-rock compositions into mineral components
To convert whole-rock compositions into mineral components, we first convert a whole-rock composition expressed on a weight per cent to a mole fraction basis. We use only the following components, SiO 2 , Al 2 O 3 , FmO (¼ FeO þMgO) and CaO, which are written as a row matrix. These components are converted into the mineral components olivine (forsterite þ fayalite, or FoFa), clinopyroxene (diopside þ hedenbergite, or DiHd), orthopyroxene (enstatite þ ferrosilite, or EnFs) and garnet (pyrope þ almandine, or PyAl), using the methods of Thompson (1982 and then renormalizing to unity the row matrix that is the product. This matrix assumes that garnet is the major Al-bearing phase. For spinel peridotites, the second row (labeled Al 2 O 3 ) becomes [0 0 0 1] and the heading to the last column becomes 'Spinel MgAl 2 O 4 ' . We recast spinel peridotites as garnet peridotites, assuming that the spinelĝ arnet transition is not accompanied by a change in bulk composition. We accept only those samples that plot within the peridotite field; that is, the upper 3/5 of Streckeisen's (1976) triangular diagram for ultramafic rocks (Fig. 1b) . Some samples within this peridotite database may be metasomatized, and McDonough & Sun (1995) used only samples with chondrite-normalized La/ Yb [(La/Yb) N ] 2 to avoid these. We apply no such filters because, for trace element contents, we are curious not only whether typical peridotites can explain Hawaiian or Siqueiros compositions but also, if not, whether any peridotite can match our calculated source compositions.
Olivine crystal lines of descent (Fig. 5a) Following the idea of a liquid line of descent, we calculate a 'crystal line of descent' (CLD) (Fig. 5a) for olivines, using a Kilauea parental magma composition. The parental magma composition is shown in Table B1 and is from Putirka et al. (2007) .
For the liquid of Table B1 (and each succeeding liquid), we calculate an equilibrium olivine composition, assuming that K D (Fe^Mg) ol^liq ¼ 0·33; we then calculate T using Beattie (1993) [and, as a check, equation (4) from Putirka et al. (2007) ], using an arbitrary value for pressure as input. The calculated T, and (if needed) liquid composition, can then be used to calculate D Ni , using various forms of equation (2). To create the LLD curves, we subtract an arbitrarily small amount of the calculated olivine composition from the liquid and repeat the calculations. Sample calculations and inputs are in Table B2 .
In Fig. 5a , a CLD calculated at 10 kbar provides a curve that mimics the Kilauea trend. If equation (2b) or (2c) is used, the values for D Ni are higher, leading to steeper curves, which tend to underestimate NiO at a given Fo content. Higher pressures are then needed to reproduce the Kilauea trend (because increased pressure leads to higher temperature estimates, which in turn decrease D Ni , leading to a flattened CLD trend in Fig. 5a ). For  Fig. 5a , pressures were chosen arbitrarily so as to mimic the Kilauea trend. Low P^T fractionation (1 atm, 14001 4108C), of mafic Hawaiian lavas allows for the precipitation of high-NiO olivines. *Input data for each of the four sets of calculations are derived as in Tables B1 and B2 , to calculate equilibrium olivine and liquid pairs, for a given parental composition (Table B1, and Putirka et al., 2007 
where C o is the concentration of an element in the mantle source, F is the melt fraction, C l is the concentration of an element in an equilibrium liquid, and D is the bulk distribution coefficient. Each value for Ni and Co in the source is for corresponding values of D Ni , as calculated in column 3. Because D Co was not calculated so as to vary with T or D Mg , its variation is tied only to mineralogy.
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Other forms of equation (2) tend to yield higher values for D Ni . Using equation (2b), for example, the main Kilauea trend is best reproduced at 15^20 kbar. If the low-T calibrated equation (2c) is used, the Kilauea trend can be reproduced only at pressures that are almost certainly too high to represent sub-Hawaiian differentiation depths (65 kbar), although it is perhaps worth noting that these CLDs are probably not accurate barometers.
Co vs Ni calculations (Fig. 5b) To compare the Co and Ni contents of MORB and Hawaiian source regions, we first consider the potential Co and Ni contents of respective parental liquids. Our high-precision olivine compositions and partition coefficients for Ni can be used to estimate the Ni contents of primitive liquids at Hawaii and Siqueiros. At Siqueiros, high-Fo olivines (maximum ¼ 91·1; mean ¼ 90·3) have an average NiO content of 0·326 wt % and a maximum of 0·382 wt %. If equilibration temperatures are close to 13008C, then D Ni ol^liq ¼ 8·0 [using an average of equations (2a), (2b) and (2c)], which yields a magma NiO content of 0·048 (maximum) and 0·041 (average) wt % NiO, or 375 and 320 ppm respectively. These values are higher than the Ni contents of whole-rocks and glasses from Siquieros, indicating that most such compositions are fractionated. At Hawaii, HSDP2 olivines with Fo contents !90 have a maximum NiO content of 0·528 wt %, and an average content of 0·461 wt %. If these olivines equilibrated at an average T of 15008C, then D Ni ol^liq ¼ 4, and primitive liquids have a maximum of 0·132 wt % NiO and an average of 0·115 wt % NiO, or 1038 and 905 ppm Ni, respectively. These Ni contents bracket the Ni content of SR641 (965 ppm Ni) indicating that this whole-rock sample may approximate a liquid, as also indicated by olivine^liquid Fe^Mg exchange considerations (Putirka et al., 2007) . These values are higher than the Ni contents of average HSDP2 whole-rocks with 15%5MgO521% (831 ppm), indicating, as at Siqueiros, that most whole-rocks are fractionated with respect to Ni. We do not have high-precision data for Co in olivine, and so we use the following equations to predict Co for a parental magma of a given MgO content (based on whole-rock systematics): in Hawaiian magmas, Co (ppm) ¼ 2·4886(MgO) þ 26·33; in Siqueiros magmas, Co (ppm) ¼ 6·4438(MgO)^13·8553. These equations can be used to estimate the amounts of Ni and Co in high-MgO rock compositions. In Table A3 , we show details of calculations presented in the text and in Fig. 5b . These calculations show that Ni and Co concentrations for putative Hawaiian and MORB mantles are much more similar to peridotite than to clinopyroxenite, and also that both sources are similar, provided we allow that Hawaiian magmas are generated and/or differentiate at higher temperatures than MORB. The required temperatures differences are about 3008C, which are very similar to the differences in mantle potential temperatures between these sources (Putirka et al., 2007) .
